Introduction
[2] Seismic noise spectra contain two prominent peaks at 0.05 -0.12 and 0.1 -0.25 Hz, termed primary and secondary microseisms, respectively. Secondary microseisms have larger spectral amplitudes than primary microseisms and are generated by the non-linear interaction of ocean waves as proposed by Longuet-Higgins [1950] and expanded by Tanimoto [2007] and Webb [2007] . Microseisms traveling as surface waves are more likely generated in shallow water, as observed by many authors, [e.g., Haubrich and McCamy, 1969; Friedrich et al., 1998; Bromirski et al., 2005; Rhie and Romanowicz, 2006; Gerstoft and Tanimoto, 2007] . It has recently been demonstrated that the surface wave based microseisms can be used to resolve Earth structure through ambient noise tomography methods, [e.g., Shapiro et al., 2005; Sabra et al., 2005; Courtland, 2008] . However, these studies do not address the body-wave energy that is observed for the higher frequencies in the secondary microseism band.
[3] In deep water, the pressure amplitude of the ocean waves decays exponentially with depth, and there is thus no coupling of ocean-wave energy at the primary frequency into seismic energy at the seafloor. Longuet-Higgins [1950] has shown that opposing ocean waves with similar frequencies in deep water interact nonlinearly to create a pressure distribution on the seafloor at twice the frequency of the waves (double frequency microseisms). The nonlinearly generated wave couples into the seafloor creating propagating seismic waves. Stehly et al. [2006] observed primary microseisms (0.05 -0.1 Hz) in California originating from the southern Indian Ocean and the southern Pacific. Because the Longuet-Higgins mechanism cannot generate primary microseisms in deep water, this energy is most likely generated by coastal effects, either near the storms or following ocean wave propagation to the California coastline. Ocean waves originating from the South Pacific Ocean and coupled to the Earth near the California coast were observed to generate microseisms in California [Haubrich et al., 1963; Gerstoft and Tanimoto, 2007] . In an important paper modeling microseisms using ocean wave-wave interaction spectra, Kedar et al. [2008] observed secondary microseisms near the Atlantic coasts possibly generated from deep water south of Greenland. However, they did not consider the contribution from the storms in the North Atlantic that have strong interactions with the coasts (see, e.g., Animations S1
1 and S2).
[4] P-waves at moderate distances (less than 30°) from storms in mostly deep water have been observed in the upper secondary microseism band with the LASA array in Montana [Toksöz and Lacoss, 1968; Lacoss et al., 1969; Haubrich and McCamy, 1969] and with California stations for hurricane Katrina (distance 26°) [Gerstoft et al., 2006] . Data from hurricane Katrina showed that the P and surface waves have different frequency content, time histories and source regions. Recently, seasonal variations in body-wave noise have been identified, consistent with differences in storm activity between the northern and southern hemispheres [Koper and de Foy, 2008; Landes and Shapiro, 2008] . These reports suggest that the P-waves originate from storms in deep water as observed previously [Haubrich and McCamy, 1969; Gerstoft et al., 2006] . The body waves are strongest for higher frequencies in the secondary microseism band. However, here we show using array processing methods that they are observable in the entire secondary microseism band and often can be associated with specific events. Figure 1a ). Here we apply similar beamforming, but based the back propagation on travel times to each station, and focus on P-wave phase slownesses. We split the data into 512-s time series (sampled at 1 Hz), which are Fourier transformed and corrected for station response. At each frequency only the phase is retained and combined to a complex-valued vector v(w, t i ) from all stations in the array, where t i refers to the start time of the Fourier transform. The frequency normalization reduces earthquake energy and there was no sign of this in the beamfoming (see Animations S1 and S2).
Approach
[6] The cross-spectral density matrix C is given by hvv T i, where the brackets indicate temporal averaging over a 3-h period (the same period as used for ocean wave hindcasts). The plane-wave response for the seismic array is given by p(w, q, s) = exp(iwres), where s is slowness, r describes the coordinates of the array relative to the mean coordinates and e contains the direction cosines of the plane wave for a given azimuth q. The beamformer output is given by:
Most processing is done with a 0.02 Hz bandwidth. Based on a vertically incident 0.2 Hz plane wave, the array 3-dB beam width is 0.01s/km.
Observations
[7] The beamformer output b(w, t, q, s) provides a measure of the signal power as a function of frequency, time, azimuth, and slowness. We compute the beamformer output within each 3-h interval, representing the best-fitting plane wave, over phase slownesses from 0.0-0.1 s/km, corresponding to teleseismic P-waves. Assuming a specific phase (i.e., P, PP, and PKP, the arrivals most apparent at 6-s period [Astiz et al., 1996] ) and the ak135 travel time tables [Kennett et al., 1995] , the source distance can be determined (see Figures 1b and 1c ) via backprojection and a map then shows the likely source locations for the body-wave energy.
[8] Phase slownesses from 0.04 -0.1 s/km indicate body waves that have propagated as either P or PP. Slownesses less than 0.04 s/km (phase velocity 25 km/s) likely correspond to PKP core phases (PcP is much lower amplitude). We focus on PKPbc because it is the strongest of the PKP branches (see, e.g., the stacked seismograms of Astiz et al. [1996] ) and is clearly seen in our data. Our back-propagation method does not provide absolute energy estimates because we apply no corrections for geometrical spreading, attenuation, and crust and/or mantle heterogeneity. However, our methods are sufficient to identify what part of the world the P-wave energy observed in southern California is coming from, particularly when combined with hindcast models [Tolman, 2005] of significant wave heights. The largest uncertainty is in modeling of the source region. The theory [Longuet-Higgins, 1950] suggests that wave-wave interaction maps [Kedar et al., 2008] , if available, might provide a more relevant comparison. However, strong wave-wave interaction is likely related to the largest storms and we see many correlations between the hindcast models and our results.
[9] For example, Figures 1d-1i compares hindcast and microseism backprojection results averaged over 3-h periods in February and June, and illustrates typical seasonal differences between the northern and southern hemispheres. Hindcasts of significant wave height on 17 February 2006 show strong ocean waves at several locations (Figure 1d ). During the same time period, the estimated microseism source regions at 0.2 Hz assuming P-waves (Figure 1e ) correspond well to two northern hemisphere storms, while the PP backprojection does not agree well with the hindcasts. In contrast, a microseism peak from an azimuth southwest of California could either be attributed to P (Figure 1e , near New Zealand) or PP (Figure 1f , southwest of Australia), as there is a storm at both locations. However, the strength of the storm southwest of Australia as well as other observations of PP arrivals from that region make PP more likely. On 4 June 2006, the hindcast shows strong ocean waves in the South Atlantic and South Indian Ocean at 0.17 Hz corresponding to the most likely origin (Figure 1g ). In this case, the microseism PP backprojection correlates with the storm in the South Atlantic (Figure 1i ), whereas the P backprojection produces a peak in the stable Amazonian craton of South America (Figure 1h )-an unlikely origin. Thus, the beamformer output here points to a PP-phase. The auxiliary material contains animations with comparisons between the hindcast and microseism results as a function of time during February and June.
[10] Monthly averages for February and June (Figure 2 ) provide additional insight. In February, the hindcast ( Figure  2a) shows that the strongest storm activity is in the northern Atlantic and Pacific, which agrees well with the P-wave backprojection (0.185 Hz) from our array (Figure 2b) . A limited amount of PKPbc energy is observed from storms south of Africa (Figure 2b ). In June, the hindcast shows strong storm activity in the southern hemisphere ( Figure  2e ). Due to the P/PP ambiguity, the propagation path is uncertain, although both phases may be active as both backprojections correspond to stormy regions (Figures 2f  and 2g ). In June, the PKPbc phase is very clear and shows signal from the southeast of Africa (Figure 2f ). Unfortunately, because PKPbc only gives arrivals from 145-155°it provides very limited coverage. Based on the azimuthslowness spectrum from the beamforming (Figures 2d and  2h) , the relative strengths of the phases can be assessed. In February the P-phase from the Pacific is largest, while P from the north Atlantic and PKPbc from south of Africa can also be seen. In June, the PKPbc phase from storms between Antarctica and Africa is clearly the strongest, but signal above 0.04 s/km, corresponding to P or PP phases, is also detected. The slowness plots confirm that PKPbc is the dominant core phase, as there is less energy below 0.018 s/km, corresponding to PKPdf, or above 0.031 s/km, corresponding to PKPab.
[11] Separate plots for each month during 2006 show seasonal variations. Figure 3a contains monthly averaged microseism power as a function of azimuth and slowness at frequency 0.185 Hz, compared to monthly average hindcasts (Figure 3b ). The peak near azimuth 50°and slowness 0.06 s/km (cyan loop) represents energy from the northern Atlantic and is visible from October -March, consistent with the monthly hindcasts. Northern Pacific storms can be seen from September -April at an azimuth of about 300°( black loop), which gives a great circle path up near the North American west coast along the northern part of the Pacific and then down along the eastern Pacific, thus covering all the main areas of the North Pacific. The associated slowness does vary and in September -November two distinct peaks are observed corresponding to the two storm regions visible in the hindcasts. In April -August a strong peak is observed from the south corresponding to storms from the southern hemisphere (green loop). While PKPbc is the strongest signal, P or PP-phases with lower slownesses can also be observed.
[12] Figure 4 shows the azimuth of peaks in the beamformed power, as a function of time and frequency (a similar plot was shown for Rayleigh waves of Gerstoft and Tanimoto [2007] ). For each frequency and time interval, we search for the maximum beamformer output for P and PP slowness (0.04-0.1 s/km) and azimuth (0 -360°) and plot the corresponding azimuth. Consistent maxima are obtained in the 0.1-0.35 Hz band (only the strongest part of the band, from 0.15-0.3 Hz, is shown), corresponding to double the average frequency of ocean waves. In the northern-hemisphere winter months, arrivals come mostly from the northern Pacific (270-330°) and northern Atlantic (40 -60°). Many of the northern Atlantic events correspond well with storms in that region [Gerstoft and Tanimoto, 2007] . However, the Pacific P-wave arrivals do not correspond closely to surface-wave microseisms observed at the same array, most likely because the surface waves are generated by swell in the coastal waters off the west coast of California. The swell from the storms can take several days to arrive at the coast [Gerstoft and Tanimoto, 2007] . In contrast, the P-phases are generated close to the storms and propagate directly to the seismic stations.
[13] The frequency content of the microseisms is region specific; the southern storms tend to cover the whole frequency range, the northern Atlantic storms are best observed in the lower frequency band (0.16 -0.18 Hz), and the northern Pacific storms at a somewhat higher band (0.17-0.23 Hz).
Summary
[14] We have demonstrated that by beamforming on a large-sized array microseismic noise propagating as teleseismic P or PP phases as well as PKP core phase can be extracted. These P-wave microseisms are generated close to storms where the ocean waves are large and often originate from deep water. In comparison to surface wave microseisms, the source region is different in that most surface wave microseisms are generated in shallow water. [15] Analyses of other seismic arrays and/or global seismic network data should improve our understanding of P-wave microseism generation, particularly when combined with ocean wave hindcasts and ocean wave-wave interaction models. In addition, since these P-waves propagate through Earth's core and mantle, they provide information about deep Earth structure along ray paths not currently sampled in global tomography modeling, as the earthquakes used in these analyses occur mostly along plate boundaries rather than the open ocean. Extracting relative P-wave timing information among different stations from noise observations should be possible through measurements of the arrival phase, although array processing may be necessary to obtain suitable slowness resolution. Absolute timing information could be obtained if ocean bottom sensors were placed in regions of active storms. 
